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[1] Seismic attenuation «, or internal friction O™ ", in glacial ice is highly sensitive to

temperature, particularly near the melting point. Here we detail a technique to estimate Q
and apply it to active source seismic data from Jakobshavn Isbrae, Greenland. We compare
our results to measured and modeled temperature profiles of the ice in the region. We find

an excellent match, with differences between seismically estimated and modeled
temperatures of less than 2°C. Mapping variations in seismic Q through glacial ice thus
is shown to allow detailed estimation of englacial temperature profiles, which may be
of special value in regions where in situ measurements are logistically difficult.

Citation:

Peters, L. E., S. Anandakrishnan, R. B. Alley, and D. E. Voigt (2012), Seismic attenuation in glacial ice: A proxy

for englacial temperature, J. Geophys. Res., 117, F02008, doi:10.1029/2011JF002201.

1. Introduction

[2] Flow of glaciers and ice sheets is strongly affected by
their thermal regime, with warmer ice deforming more rapidly,
and the onset of melting greatly increasing basal velocity [e.g.,
Hooke, 1981; Huybrechts and Oerlemans, 1988]. Accurate
knowledge of the thermal regime thus will allow more accu-
rate modeling of the evolution of the Earth’s ice sheets,
improving projections on how they will respond to anthropo-
genic forcing in the future.

[3] The thermal regime of ice reflects a complex interplay
between the downward advection of surface cold through
accumulation, horizontal advection via ice flow, geothermal
flux from the geology beneath, and frictional heating due to
ice deformation and basal sliding [e.g., Cuffey and Paterson,
2010]. Specialized models have been developed to better
understand these effects [Robin, 1955; Weertman, 1968;
Paterson and Clarke, 1978; Funk et al., 1994; Dahl-Jensen
et al., 1998], leading to improved thermomechanical ice
sheet models [e.g., Greve, 1997; Payne et al., 2000; Parizek
et al., 2005].

[4] The distribution of frozen and thawed beds is of par-
ticular importance. Regions where the bed is near but below
the pressure melting point may be most subject to rapid
acceleration of ice flow if the bed warms in the future,
whereas thawed regions lacking sufficient heat input may be
prone to deceleration [e.g., Parizek and Alley, 2004; Joughin
et al., 2005].

[s] Direct measurements of englacial temperature in polar
ice sheets are largely restricted to a handful of locations, typ-
ically associated with ice cores from the interior ice divides
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and domes of Antarctica and Greenland, along with limited
observations along fast-flowing glaciers and ice streams [e.g.,
Tken et al., 1993; Engelhardt, 2004]. Additional measurements
are currently limited by the logistical requirements involved
with obtaining in situ measurements of englacial temperature.
Here, we present a novel approach for constraining englacial
temperature through an ice sheet by active seismic methods,
much more rapidly and cheaply than typically possible with
drilling. By utilizing the spectral ratio method [e.g., Tonn,
1991; Dasgupta and Clark, 1998], we estimate seismic
attenuation through the ice column, which in turn yields the
temperature of the ice.

2. Seismic Theory

[6] Consider a seismic source wavelet of amplitude 4, that
travels through the ice and is recorded at a horizontal distance
x from the source location. The seismic wave may travel
directly from the source to the receiver without undergoing
reflection (the so-called “direct wave”, which we treat sepa-
rately below). Alternatively, the wavelet may follow a ray-
path of length r(x), which includes a reflection off a
subsurface horizon with reflectivity R(x) (the horizon is
assumed to have an offset-dependent reflection coefficient);
its recorded amplitude is

A(x) = AoR(x)G(x)e ), (1)

where the geometric spreading factor G(x) accounts for
spreading losses along the raypath [e.g., Aki and Richards,
2002]. The interface reflectivity R(x) is determined by the
elastic properties on either side of the interface (primarily the
compressional wave velocity Vp, shear wave velocity Vg, and
density p). The remaining parameter o f) is the frequency-
dependent anelastic seismic attenuation, and is a measure of
how rapidly the seismic wave attenuates due to the internal
friction of the medium.
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[7] Attenuation «v is sensitive to parameters such as lithol-
ogy, anisotropy, fluid content, and porosity [e.g., Toksoz and
Johnston, 1981], although as discussed below, temperature is
the most important control on seismic attenuation in ice. The
internal friction leads to the damping of free oscillations of a
propagating seismic wave, converting some fraction of the
seismic energy to heat along interfaces in the medium. Seismic
attenuation « is often expressed in a nondimensional form
as the seismic quality factor Q, or internal friction Q~'. The
relationship between Q and « is

_ f
@ = Vra(r)

(2)

where f'is frequency of the seismic wavelet and Vp is the
compressional wave seismic velocity of the attenuating
medium [e.g., Aki and Richards, 2002]. Over seismic fre-
quencies (approximately 10 to 10° Hz) the attenuation, «,
increases approximately linearly with frequency [e.g., Tonn,
1991; Aki and Richards, 2002]. Thus Q is effectively fie-
quency independent. This assumption is commonly made in
seismology and is appropriate for our data, where the data
have been filtered to a band between 120 and 280 Hz. Note
that in equation (2), higher O equates to lower attenuation «
and vice versa.

[8] To6ksoz and Johnston [1981] summarized data on seis-
mic attenuation for various earth materials and subsurface
conditions. In general, unfractured crystalline rocks have
higher Q values (Q > 500) than porous or fractured media
(Q < 100), in which there is greater frictional heating and fluid
motion. Laboratory studies have shown that Q increases with
increasing pressure due to microcrack closure [e.g. T6ksoz
et al., 1979]. The effect of fluids on Q is variable, with dry
rocks generally having higher Q values than wet rocks. The
initial wetting of the rock causes a decrease in Q as the fluid
lubricates cracks and grain boundaries, aiding in frictional
sliding [e.g., Mavko and Nur, 1979]; partial saturation of the
rock also lowers Q through dissipation by free fluid flow in the
pore space in response to excitation from the propagating
seismic wave. However, full saturation of the pore space can
restrict this flow and lead to an increase in Q to values com-
parable to those observed in the dry material [e.g., Mavko and
Nur, 1979]. Seismic anisotropy due to oriented cracks,
microfractures, laminae, or crystal orientation leads to an
associated attenuation anisotropy. In general, seismic attenu-
ation is at a minimum when the seismic wave propagation is
parallel to the primary axis of anisotropy [e.g., Best et al.,
2007; Chinchinina et al., 2009].

[9] Finally, and most significantly for glaciological appli-
cations, seismic attenuation exhibits a strong temperature
dependence, particularly when the attenuating medium
approaches its bulk melting point. Experimental studies of Q
in mantle materials highlight the sensitivity of O to temper-
ature at the onset of partial melting [e.g., Artemieva et al.,
2004], where Q' appears to follow an Arrhenius relation-
ship at seismic frequencies and increases exponentially with
temperature [e.g., Jackson et al., 1992; Artemieva et al.,
2004; Matas and Bukowinski, 2007]. Similarly, laboratory
experiments utilizing an ice-brine binary system showed
low attenuation (high Q) when fully frozen, increasing
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attenuation with increasing temperature, and a jump in Q at
the eutectic temperature due to the onset of melt [Spetzler and
Anderson, 1968; see also Matsushima et al., 2008].

3. Seismic Attenuation in Glacial Ice

[10] Internal friction in ice O~', and thus seismic attenua-
tion «, arises from several energy loss mechanisms at scales
ranging from the molecular to the grain scale, each exhibiting
a marked sensitivity to temperature (Figure 1). For single-
crystal ice, the dominant mechanism at seismic frequencies is
a Debye-type relaxation due to the realignment of water
molecules [e.g., Kuroiwa and Yamaji, 1959; Kuroiwa, 1964].

[11] Because this mechanism is intrinsic to all ice crystals,
it is part of all attenuation spectra, and typically becomes the
dominant mechanism for all glacial ice where T < —30°C
(Figure 1). At these colder temperatures, ¢ axis fabric can
have a significant effect on seismic attenuation, dependent on
the angle between the propagating direction of the seismic
wave and the ¢ axis (see Kuroiwa [1964] and Oguro et al.
[1982] for a detailed discussion on this topic). In warmer
glacial environments, such as many mountain glaciers, the
outlet glaciers of Greenland and West Antarctica, and the
periphery of East Antarctica, grain boundary processes
dominate the variability in Q, as discussed below.

[12] For polycrystalline ice, which includes all naturally
occurring glacier ice, quasi-liquid films generated by melting
at grain boundaries dominate seismic attenuation when they
are present; the temperature above which melt occurs for
glacial ice is approximately 7 = —30°C [e.g., Dash et al.,
1995, 1996] (Figure 1), but can be lowered by sufficiently
high concentrations of impurities [Kuroiwa and Yamaji,
1959; Kuroiwa, 1964; Spetzler and Anderson, 1968;
Matsushima et al., 2008]. This grain boundary water film
causes an approximate exponential increase in internal fric-
tion Q! with temperature across all frequencies [Kuroiwa,
1964] and dominates relative to other causes at sufficiently
high temperatures.

[13] Field studies of seismic attenuation in glacial ice have
used near-surface measurements (i.e., direct-wave arrivals)
to estimate attenuation in the upper 10s to 100s of meters of
the ice [Millecamps and Lafargue, 1957, Westphal, 1965,
Brockamp and Kohnen, 1965; Langleben, 1969; Clee et al.,
1969; Kohnen, 1969; Bentley and Kohnen, 1976; Gusmeroli
et al., 2010]. Estimates of attenuation through the ice column
have used the strong basal reflections [Robin, 1958; Jarvis and
King, 1993] and prominent deep englacial reflections [Bentley,
1971a]. Table 1 summarizes the results of these studies, with
all observed attenuation values converted to Q. It should be
noted that the frequency range for these analyses extends from
the ultrasonic [Millecamps and Lafargue, 1957, Westphal,
1965; Langleben, 1969] to the seismic frequencies [Robin,
1958; Brockamp and Kohnen, 1965; Clee et al, 1969;
Kohnen, 1969; Bentley, 1971a; Bentley and Kohnen, 1976;
Jarvis and King, 1993; Gusmeroli et al., 2010]; caution is
advisable in comparisons across this data set because Rayleigh-
type scattering controls attenuation losses in the kilohertz
range where wavelengths are on the order of the grain size,
whereas internal friction dominates at lower frequencies
(10 — 10° Hz) due to grain boundary and intragranular
processes. Nevertheless, it appears that the various studies
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Figure 1. Relaxation spectra of ice versus temperature, adapted from Kuroiwa [1964]. These curves dem-
onstrate how internal friction O~ in ice varies with temperature. The relaxation spectra for polycrystalline ice
samples from various locations and impurity concentrations [Kuroiwa, 1964] are shown. At warmer tempera-
tures (7> —30°C), grain boundary friction dominates; chemical impurities shift this attenuation process to
colder temperatures. The prominent relaxation peaks observed in each sample in the —40°C to —100°C range
are the result of proton movement in the water molecules.

of seismic attenuation point to a strong increase of Q'
with temperature.

4. Data Collection and Analysis

[14] In May 2007, a wide-angle (incidence angles at the
base of the ice ranging from normal to >45°), common
midpoint (CMP) seismic reflection experiment was per-
formed in the accumulation zone of Jakobshavn Isbrae,
Greenland, approximately 100 km inland of the grounding
line (Figure 2). The receiver array consisted of 24 single-
component geophones at a 20 m spacing. The sensors were

1 m long rods containing four equally spaced 40 Hz elements
oriented vertically (dubbed “georods”), extending one meter
below the surface. One-kilogram explosive charges were
used as sources, detonated 10 m below the surface. Source-
to-receiver offsets ranged from 0 m to 4000 m.

[15] The resultant seismic data were collected via a wide-
angle reflection experiment, whereby the same 240 m segment
of the subsurface was imaged over all source-to-receiver off-
sets (Figure 3). The experiment begins with the seismic
source detonated 0 m from the end of the 460 m receiver
array, with the source and first receiver located at 0 m. We
then move the seismic source location by +240 m and the

Table 1. Seismic Attenuation Calculations Through Ice in Various Glaciated Regions, Given in Terms of the Seismic Quality Factor Q"

Surface Quality Frequency Range of Ice

Location Temperature (°C)  Factor (0) Range (Hz) Column Sampled Reference
Mer de Glace, France -5 155-180 65000 upper 30 m Millecamps and Lafargue [1957]
Blue Glacier, Washington, USA 0 150 2500 upper 60 m Westphal [1965]
Tanquary Fiord, Ellesmere, 150 100000
Ellesmere Island, Canada —10 <110 500000 1-5 m sea ice Langleben [1969]
Larsen Ice Shelf, Antarctic Peninsula —10to —12 50-160 60-90 entire ice column Jarvis and King [1993]
West Antarctica —14 to —25 400-670 100-200 entire ice column Bentley [1971a]
Greenland Ice Sheet —-22 500 100-150 80+% of the ice column Brockamp and Kohnen [1965]
Queen Maud Land, East Antarctica —38 260-390 80-130 entire ice column Robin [1958]
Storglacidren, Sweden -1 7-9 100-300 upper 10-20 m Gusmeroli et al. [2010]
Athabasca Glacier, Alberta, Canada 0 60-70 120-1000 upper 100 m Clee et al. [1969]
Greenland Ice Sheet >-20 115-190 50-100 upper 100-500 m Kohnen [1969]
Byrd Station, West Antarctica —28 550-1000 136 upper 100-500 m Bentley and Kohnen [1976]

“The first three measurements, utilizing ultrasonic frequencies, capture seismic energy loss effects largely due to scattering. The next four measurements
are from the bulk ice column at each location sampled. The last four measurements focus on the upper ice column at each location.
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Figure 2. Location map of the seismic study, modified from Horgan et al. [2008]. (top) Surface elevations
for the Greenland ice sheet [Bamber et al., 2001] and location of the detailed map (red box). (bottom)
Detailed map of Jakobshavn Isbrae with surface elevation (contours) [Bamber et al., 2001] and subglacial
topography (CReSIS bed elevation map, derived from ice-penetrating radar; data can be found at https://
www.cresis.ku.edu/data), along with the locations of this seismic study (red circle JAK) and previous eng-
lacial temperature measurements (black circles A-D [lken et al., 1993; Liithi et al., 2002]).

receiver array by —240 m, detonate the source and image the
same region of the subsurface. We continuethis process,
moving the source and receiver array outward in 240 m
increments, to continuously image a 240 m section of the
subsurface from 0 m to 4000 m source-to-receiver offset.
This repeated sampling of the subsurface is key to con-
straining seismic properties, in this case attenuation «, via the
spectral ratio method [e.g., Tonn, 1991].

[16] Strong ice bottom and englacial reflections are clearly
observed across our data set, along with the direct arrival
(Figure 3). Eight distinct englacial reflections are observed
within the ice column, with the uppermost reflector at a
depth of z = 970 m or a normalized depth of Z = 0.57 (the
total ice thickness is # = 1693 m), labeled R970 in Figure 3.
These englacial reflections arise from a contrast in seismic
properties within the ice column. Since the density of the ice
remains quite constant below the firn-ice transition, these
reflections are primarily due to changes in seismic wave
velocity (Vp: compressional wave seismic velocity, and/or
Vs: shear wave seismic velocity); these changes are indica-
tive of changes in crystal-orientation fabric, where seismic
velocity variations of <1% can often be detected [Bennett,

1968; Bentley, 1971b; Blankenship and Bentley, 1987;
Horgan et al., 2008, 2011].

[17] No filtering or processing have been applied to the
seismic data used in the spectral analysis in order to preserve
the true amplitudes of observed wavelets from each englacial
reflection and the ice bottom reflector. However, standard
processing techniques have been applied to Figure 3 to better
display the reflectors chosen for our seismic analysis. Band-
pass filters, dip filters, and FK filters were applied to remove
some of the surface-generated noise from our data. Auto-
matic gain control was also applied to strengthen each
reflector relative to the background noise. A normal moveout
correction was then performed to flatten the englacial and ice
bottom seismic reflections displayed. Since no processing
was applied to the seismic data in our analysis, we chose to
delete traces in which excessive interference from surface
waves or the direct arrival was present.

[18] We used the spectral ratio method of Dasgupta and
Clark [1998] to determine Q for each observed seismic sig-
nal. This method involves analyzing the ratio of the frequency
spectra of the source wavelet 4y and the recorded wavelet 4 (x)
at each offset x (Figure 4; spectral analysis of the ice bottom
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Figure 3. The wide-angle seismic common midpoint (CMP) gather collected at the JAK location. The
data have been processed to highlight the englacial reflectors and to remove surface-generated noise;
band-pass filtering, dip filtering, and FK filtering have been applied along with automatic gain control,
and a normal moveout correction has been performed to flatten these reflectors. Some surface noise can
still be observed within the data set, particularly in the 500-2000 m offset range for the englacial reflec-
tors. The eight englacial reflectors and the ice bottom are labeled on the basis of their respective depths

beneath the surface.

reflector R1693 is highlighted here). Rearranging equation (1)
in terms of Q results in the spectral ratio [e.g., Tonn, 1991;
Dasgupta and Clark, 1998]

Ax)

log =) _
o8 Ao oVe

r(x) + log[R(x)G(x)]. 3)

Here the frequency spectra of the source wavelet (Figure 4a)
and the wavelets at each offset x for the direct arrival, the
englacial reflectors, and the ice bottom (ice bottom R1693 is
shown in Figure 4b) are calculated, taking a 30 msec win-
dow surrounding each wavelet. The source wavelet 4, is
estimated from a georod 60 m from the source (Figure 4a), as
closer georods had clipped waveforms. From equation (3),
there is a linear relationship between the spectral ratio and
frequency f at each offset x, with slope

V(x) = - @F(X) 4)

We assume that G(x) and R(x) are frequency independent,
since the spreading loss parameter G(x) is solely a function of
the path along which the seismic wave propagates and the
reflection coefficient R(x) is determined by the elastic proper-
ties (Vp, Vs, p) at the seismic interface, all of which are likely
insensitive to frequency in the band of interest. For our data
set, we limited our spectral ratio analysis to a frequency
bandwidth of f= 120—280 Hz, as this range contains most of
the seismic energy observed within all of our selected seismic
wavelets (Figure 4¢). Thus ~y(x) is derived for the spectral ratio
of at each offset x.

[19] For aconstant V'p in the ice, r(x) =x for the direct arrival
and r(x) =2
depth to the reflector). However, Vp in general is not constant
because of the low-density firn, anisotropy in the ice, and the
temperature dependence of seismic velocity [Bentley, 1971b;
Kohnen, 1974; Blankenship and Bentley, 1987]. We follow
Gusmeroli et al. [2010], and use the travel time difference
Ot = t(x) — t, between our source wavelet at time ¢, and the
arrival time #(x) of our recorded wavelet at offset x as a proxy
for 7(x)/Vp in equation (4). Thus,

2 + k2 for a seismic reflection (where 4 is the

(5)

where (6¢?) is calculated for a particular offset x and its asso-
ciated traveltime difference 6z in our CMP gather [Gusmeroli
et al., 2010]. The slope of this linear regression is then used
to determine Q (Figure 4d).

[20] For the direct arrival, the QO we determine from
equation (5) is for the region below the firn, in the upper ice
column, where the seismic waves sample depths of approx-
imately 150-200 m [Spetzler and Sneider, 2004]. This direct
arrival is the first seismic signal observed at our receiver
array, as surface waves travel through the firn and upper ice
column. At near offsets (<1000 m offset, where the firn is
observed to be ~75 m thick in this region, following the
shallow seismic approach of Rothlisberger [1972] and
Shearer [2009]), Q analysis via equation (5) will not yield a
single or distinct O; the surface waves over these near offsets
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Figure 4. An overview of the spectral ratio method, using the ice bottom reflection (R1693 in Figure 3).
(a) Frequency spectrum of the source wavelet 4, taken at 60 m offset from the source. (b) Frequency spec-
tra of the observed signal wavelets from five different source-receiver offsets x. (c) Spectral ratios between
the source wavelet (Figure 4a) and the signal wavelet (Figure 4b) from five source-receiver offsets x. The
gray box outlines the 120-280 Hz frequency range used for the spectral analysis, following equation (3).
The best fitting linear regression for each offset x is shown by a dashed line. The slope of these lines yields
~(x) (or v(61)). (d) The slope of the spectral ratios y(x) at each observed receiver location x, plotted as a
function of ¢, the traveltime difference between the source and signal wavelets. The slope of the best fitting
line to these (6¢) values yields Q, as outlined in equation (5).

are only traveling through the firn itself, with each suc-
cessive offset dipping a little deeper in the firn, and thus
sampling a heterogeneous medium with a nonunique Q. At
far offsets (>1000 m offset), these surface waves travel
completely though the firn, and refract along the upper ice
column. As such, the same region of the upper ice column is
sampled with each increasing offset x, yielding a single O
through equation (5).

[21] On the other hand, for the englacial reflectors and ice
bottom reflection, the value of Q from equation (5) is an
average of O(z) from the surface down to the the depth z of
the reflector.

[22] These depth-averaged Q values can be used to calculate
interval values Q;. For two reflectors at depths z,_; and z,,
with depth-averaged QO values O, and Q,, respectively, the

resultant Q; for the regions between the two reflectors is
[Dasgupta and Clark, 1998]

t, — 1,1
g = b1 (©)
On  On

where ¢, is the arrival time from horizon n. We then calculated
the Q,(z) profile through the ice column at our seismic site by
applying equation (6) to the eight englacial reflectors and ice
bottom reflection (Figure 5 and Table 2).

[23] The uncertainties in Q arise from the signal-to-noise
ratio (SNR) of each analyzed signal wavelet [Dasgupta, 1994]
and the goodness of fit of the resultant linear regressions from
equations (3) and (5). Given the high SNR in our seismic data,
the resultant uncertainties theoretically map to oy = 5%, as
derived from synthetic sensitivity tests [Dasgupta, 1994]; these
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Figure 5. Seismic Q(z) plot as determined from our spectral analysis of the direct arrival, eight englacial reflec-
tors, and ice bottom reflection. Each Q; gives the average O value between two reflectors (equation (6)),
with the dots showing the center points and uncertainties shown with gray shading (Table 2).

uncertainties are comparable to what we calculated for the
lowermost seismic reflectors (Table 2). However, the shal-
lower seismic reflectors possess some traces contaminated
with surface wave energy (Figure 3), leading to uncertainties
of up to o = 22% (Table 2). These experimental uncertain-
ties propagate into how welleach linear regression of the
spectral ratios fits across our chosen frequency bandwidth in
equation (3). Here we have chosen a narrow band of 120-
180 Hz, based on an examination of the dominant frequency
(~150 Hz) of our wavelets and of the background noise for
each observed reflector and offset (Figure 4b). The uncer-
tainties in Q, in Table 2, are primarily from the uncertainty
of the linear regression of (6f).

5. The Temperature Dependence of Q in Ice

[24] As noted above, seismic attenuation in ice is temper-
ature dependent. Here we compare our englacial Q estimates
with measurements and models of englacial temperature for

Jakobshavn Isbrae. In general, temperature varies vertically
within polar glaciers and ice sheets, with the warmest tem-
peratures at the base of the ice. By comparing our determi-
nations of Q(z) with modeled and measured temperature
profiles 7'(z), we show that Q is indeed a good proxy for 7
(Figure 6).

[25] Temperature profiles were measured about 50 km
downglacier of our field site [lken et al., 1993; Liithi et al.,
2002] at four locations: one in the trunk of the glacier (site B;
Figure 2), and three in the shear margin and slow-moving ice
nearby (sites A, C, D; Figure 2). A common characteristic of
all of these is a relatively cold upper section due to advection
of cold surface and upglacier ice [Dahl-Jensen et al., 1998],
and a warming toward the bed inresponse to geothermal heat
and the energy released by basal sliding and ice deformation
[lken et al., 1993; Funk et al., 1994; Liithi et al., 2002].
Focusing of heat flow into the deep bedrock trough of the
glacier also contributes to the warmth of the deepest ice [van

Table 2. Calculated Seismic Q Through the Ice Column on Jakobshavn®

Time to Depth to Relative Temperature
Target Signal Signal (ms)® Signal (m) Depth Oruss O ({®)

Direct Arrival ~x/3.8° 100-150 0.08-0.12 207416 20716 —18.0+0.8
R970 513 970+17 0.57+0.02 355+75 355475 —21.8£1.6
R1083 572 1083421 0.64+0.02 353+£78 342436 —21.5+0.9
R1192 630 1192+26 0.70+0.03 343+63 270432 —19.9+£1.0
R1263 665 1263428 0.75+0.03 324466 149420 —15.7+1.1
R1340 705 1340433 0.79+0.03 293457 130424 —14.7+1.4
R1398 732 1398+37 0.83+0.03 243445 48+15 —7.7£2.3
R1459 762 1459439 0.86+0.03 187421 28+10 —3.942.6
R1543 804 154342 0.91+0.04 142+11 2043 —1.5£1.2
R1693 (Ice Bottom) 882 1693+49 1.00 9445 2344 —24+1.3

“The temperature values and their uncertainties are derived from equation (7) (Figure 6).
*Travel times for the direct arrival exhibit a linear moveout with offset x, following the above equation, where 3.8 m sec™ ' is the average compressional
wave velocity in ice. The travel times for the observed reflectors have normal moveout corrections applied to flatten each reflector to a single time, as shown

in Figure 3.
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Figure 6. Comparison of our calculated 7'(z) profile to the englacial temperature observations of lken et al.
[1993] and modeled temperature profiles of Funk et al. [1994] and Poinar and Joughin [2010]. Our T'(z) pro-
file is derived from seismic Q measurements following equation (7).

der Veen et al., 2007]. Of particular note is the observation
that the glacier and the ice sheet just outside the shear margin
have temperate basal ice layers [Iken et al., 1993; Liithi et al.,
2002]. Ice flow modeling confirms the development of this
deep temperate layer, and suggests at least some temperate
ice may extend upglacier past our site [Funk et al., 1994] [see
also Iken et al., 1993; Liithi et al., 2002; Poinar and Joughin,
2010] (Figure 6).

[26] For comparison of the different measured and modeled
profiles to our seismic attenuation data, we have normalized all
depths to Z = 0 at the surface and Z = 1 at the bed. Our
uppermost englacial seismic reflector then occurs at Z = 0.57,
at the base of the coldest ice (Figures 5 and 6). Below this, we
find a monotonic, exponential downward decrease of O, con-
sistent with the observed and modeled downward increase
in 7. Finally, we find that the O values of the very lowest 14%
of the ice are approximately constant, consistent with an iso-
thermal temperate layer [lken et al., 1993; Funk et al., 1994].

[27] As discussed above, we expect seismic Q to show an
Arrhenius-type exponential dependence on temperature. We
thus seek a best fit relation between our Q; values (Figure 5
and Table 2) and the measured temperature values

02) = Que 7. )

Here Q) is the seismic quality factor of the uppermost ice,

v = —17.5°C, the modeled temperature of the ice at Z = 0.1
depth in the vicinity of our seismic site [Funk et al., 1994], T(z)
is our modeled temperature, and a is a constant that accounts
for the physical properties of the ice. Given the observed sur-
face flow velocities of ~200 m a™ ' at our site [Horgan et al.,
2008], and preliminary seismic amplitude analysis suggesting
a thawed bed (where T'= —1.4°C, the pressure melting point

for that thickness of pure ice), we modeled the resultant 7(z)
for each O value (Figure 6 and Table 2). In order to estimate a,
we used only the two well-known temperature values: that at
the surface and that at the base of the ice sheet. From these
and our Q estimates at those locations, we calculated
a=0.142°C".

[28] We find an excellent fit between our estimates of
temperature and the published englacial temperature mea-
surements and models along the upper reaches of Jakobshavn
Isbrae [lken et al., 1993; Funk et al., 1994, Liithi et al., 2002;
Poinar and Joughin, 2010], with our Q-derived englacial
temperatures generally within 2°C of these published tem-
perature profiles. Our data do not exhibit a perfect fit to any
one profile, which may arise from a bias in our estimate of a,
the exact positioning of these temperature profiles within the
trough of Jakobshavn Isbrae in relation to our seismic
experiment, or modeling uncertainties, particularly near the
base of the ice column. Regardless, our O-derived tempera-
ture measurements show close agreement with these tem-
perature profiles, particularly within the lowermost 14% of
the ice column, where a temperate basal ice layer is inferred
to exist [lken et al., 1993; Funk et al., 1994; Liithi et al.,
2002; Poinar and Joughin, 2010].

[20] We propagate our estimates of uncertainties in Q to
uncertainties in 7 and find that they range from 7= 0.8°C to
or = 2.6°C (Table 2). Clearly, if we had used a different
temperature profile as a target, such as one of the modeled
ones, we would have obtained slightly different results.
Nonetheless, the similarity of plausible temperature trends
and our Q trend indicates a close correspondence.

[30] The accuracy with which Q can be used to estimate T’
is dependent on the SNR of seismic reflectors and the dis-
tance between reflectors. A high SNR of the reflectors
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bounding a given interval of ice will lead to low oo and
subsequent low o; this is the case for most of the reflectors
we observe. The ice layers with the highest uncertainties
are likely the result of the seismic reflectors being spaced
too closely to each other; this results in some cross con-
tamination of the frequency spectra of the nearby reflectors
(a £30 ms time window is used in the spectral analysis).
Reducing this window to avoid this cross contamination
would make estimation of the spectra difficult.

[31] Our attenuation values as a function of temperature are
consistent with results of other studies, as shown in Table 1.
We note, however, that our use of the known surface and bed
temperatures allows smaller uncertainties than is possible
from the a priori knowledge of Q(7) based on Table 1.
Fortunately, the seismic observations reported here can be
coupled with other seismic techniques such as amplitude
variation with offset (AVO) approach [e.g., Peters et al.,
2007; Peters, 2009], that are efficient for identifying frozen
versus thawed beds, thus providing accurate basal tempera-
tures for thawed beds or a useful limit for frozen beds.

[32] As discussed above, in cold ice the attenuation is
sensitive to ¢ axis fabric. However, although the reflectors
we use likely arise from contrasts in ¢ axis fabric [Bennett,
1968; Bentley, 1971b; Blankenship and Bentley, 1987,
Horgan et al., 2008, 2011], they occur at sufficiently high
temperature where attenuation is primarily controlled by
temperature. A sufficiently large suite of analyses such as
ours might allow identification of subtle effects arising from
variations in ¢ axis fabrics, impurity content, or perhaps
other factors [e.g., Alley et al., 1995]; however, we anticipate
that temperature will be the major control on attenuation in
most cases.

6. Summary

[33] We have applied the spectral ratio method to seismic
data acquired on Jakobshavn Isbrae, Greenland in order to
calculate seismic quality factor Q(z). The decrease of O with
depth is most likely due to an increase in temperature with
depth. Comparison of Q(z) to englacial temperature profiles
and models [lken et al., 1993; Funk et al., 1994; Liithi et al.,
2002; Poinar and Joughin, 2010] results in an excellent
correspondence, suggesting that seismic attenuation can be
used as an englacial thermometer.

[34] This surface-based approach for inferring englacial
temperature could prove broadly useful, providing modelers
with data to test and tune models. A sufficiently large data
set, tied to the existing borehole profiles, may allow absolute
estimation of temperature directly from Q without indepen-
dent knowledge of basal temperature, which in turn would
allow improved assessment of geothermal flux and its
implications for tectonic history of the ice-covered regions
of the world. Improving our understanding of seismic
attenuation in ice will also give seismologists the ability to
better characterize subglacial materials. This method would
especially be advanced by collecting more seismic data
collocated with englacial temperature profiles, as well as in
situ borehole measurements of seismic attenuation through
the ice column, to increase the quantity and accuracy of data
relating seismic attenuation to temperatures and other factors
in glacial ice.
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